A compilation is presented of global sea surface temperature (SST) records that span around one glacial cycle or more, and it is compared with changes in the earth's radiative balance over the last 520 000 years, as determined from greenhouse gas concentrations, albedo changes related to ice sheet area and atmospheric dust fluctuations, and insolation changes. A first scenario uses global mean values for the radiative changes, and a second scenario uses zonal means for 108 latitude bands for a more regionally specific perspective. On the orbital time scales studied here, a smooth increase of SST response from the equator to high latitudes is found when comparison is made to global mean radiative forcing, but a sharply ''stepped'' increase at 208-308 latitude when comparing with the more regionally specific forcings. The mean global SST sensitivities to radiative change are within similar limits for both scenarios, around 0. 
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. Combined with previous estimates of 1.3-1.5 times stronger temperature sensitivity over land, this yields an estimate for global climate sensitivity of 0.85 (20.4/10.5)8C (W m
, close to previous estimates. If aerosol (dust) feedback were to be considered as a fast feedback, then the estimated central value for SST sensitivity would change to ;0.958C (W m
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. The zonal-mean scenario allows an assessment of (long-term) ''normalized amplification'' for Greenland and Antarctic temperature sensitivities, which is the ratio of temperature sensitivity for those sites relative to the global mean sensitivity, normalized per watt per meter squared of radiative change. This ratio is found to be 0.9 (20.2/10.6) and 1.4 (20.4/11.1) for Greenland and Antarctica, respectively. Given its value close to 1 for Greenland, but that larger Arctic amplification on shorter time scales due to fast sea ice albedo processes cannot be excluded, it is suggested that current high Arctic sensitivity is mainly due to sea ice albedo feedback processes and may decrease considerably if and when the Arctic sea ice cover has been eliminated. The normalized amplification value of 1.4 for Antarctica supports previous reconstructions of polar amplification in that region. The authors propose that this amplified response resulted from approximately threefold glacial-interglacial changes in the area of sea ice cover around Antarctica.
Introduction
Records of palaeoclimate change through glacial cycles in the recent geological past provide important observational evidence concerning the climate response to changes in radiative forcing (e.g., Hansen et al. 2007 Hansen et al. , 2008 Kö hler et al. 2010; Masson-Delmotte et al. 2010a ). However, uncertainties remain regarding important variables, such as temperature responses, the amplitude and causes of polar amplification, and about the magnitude of radiative forcing changes on those time scales.
With respect to the temperature responses, a key comparison is between the preindustrial present and the Last Glacial Maximum (LGM), the only past interval for which substantial spatial information has been collated (e.g., MARGO project members 2009). However, comparison of extreme states cannot portray the nature of the temperature responses to intermediate and temporal variations in climate forcing. For such an analysis, changes in the radiative budgets through time need to be compared with temperature time series. So far, such efforts have concentrated almost exclusively on temperature reconstructions from Antarctic ice cores, translated into global temperature changes using a single, fixed value for the Antarctic polar amplification factor (Hansen et al. 2007 (Hansen et al. , 2008 Kö hler et al. 2010) ; usually taken to be about 2, from a range of 1.2-2.1 based on Paleoclimate Modeling Intercomparison Project (PMIP) LGM simulations without dust forcing (Masson-Delmotte et al. 2006 ). Both Kö hler et al. (2010) and Masson-Delmotte et al. (2010a) evaluate the polar amplification choice in a wider context (e.g., deep sea temperature), highlighting the need for a global synthesis of temperature records from other latitudes. In the absence of such a synthesis, important questions remain unanswered, such as (i) whether the Antarctic ice-core temperature record does indeed offer a reasonable approximation for the global temperature response and (ii) whether polar amplification is sufficiently represented by a simple constant and whether its potential range is sufficiently understood. In addition, no studies have yet considered the potential impact of spatial inhomogeneity in the forcing terms and their relative contributions to total radiative forcing changes.
This paper aims to address these issues through a more spatially explicit and global analysis of past temperature variability in comparison with regional and global mean radiative forcing. Temperature changes in the geological past for any location can be estimated from ''proxy'' data, which are calibrated to temperature using process models or empirical relationships. However, there are uncertainties and systematic biases involved in such procedures. In addition, different climatic settings (e.g., circulation regimes) may impose considerable spatial variability in the temperature responses to climate forcing, which needs to be adequately sampled. It is therefore important to take stock of existing time series of temperature reconstruction on a worldwide basis and to identify where improvements may be needed, such as increased data coverage/density. Here we present the first assessment of this type, as a foundation to be enriched by targeted future research.
With respect to the radiative forcing of climate, there is a steady increase in understanding of some of the major terms (notably greenhouse gas concentrations and icesheet area albedo), but only first-order information exists about others (e.g., atmospheric dust albedo). The globally averaged insolation fluctuations are considered to have contributed little in terms of total global radiative forcing changes (Hansen et al. 2007 (Hansen et al. , 2008 Kö hler et al. 2010) , but insolation becomes an important term when considering radiative forcing of climate in a more regional sense. Finally, there are several terms for which no highly resolved, long time series exist (e.g., cloud cover, vegetation albedo, and sea ice albedo terms). These might be crudely approximated from modeling of past climates, but this is slightly circular in that aspects of model output are then used to approximate data.
Here we extend on the pioneering studies of Hansen et al. (2007 Hansen et al. ( , 2008 and Kö hler et al. (2010) to reconstruct a time series of change in radiative climate forcing. We follow the approach stated in Hansen et al. (2007) that ''a forcing is an imposed change of the planet's energy balance with space'' and are concerned with ''an empirical climate sensitivity [that] corresponds to the Charney (1979) definition of climate sensitivity, in which ''fast feedback'' processes are allowed to operate, but long-lived atmospheric gases, ice sheet area, land area and vegetation cover are (considered as) fixed forcings. Fast feedbacks include changes of water vapor, clouds, climate-driven aerosols, sea ice, and snow cover.'' Similar to Kö hler et al. (2010) we also include an explicit determination of the forcing due to atmopheric dust variability. This could be debated because aerosol effects are not a slow feedback with a time scale of 10 3 yr like the carbon cycle and ice sheet size, but they are not fast like hydrological cycle (cloud, vapor) or sea ice feedbacks either; soil cohesion (and thus ablation potential) is not only a function of the fast adjusting hydrological cycle, but also of slow adjusting vegetation changes. For the latter reason, because we study orbital time-scale changes, we choose to explicitly resolve the aerosol (dust) feedback influences and to then a posteriori consider how our conclusion about climate sensitivity would change if dust were treated as a fast feedback instead. Thus, we explicitly account for the long-term (equilibrium) radiative impacts of greenhouse gas concentrations, ice sheet albedo, and atmospheric-dust-related albedo as ''forcings,'' even though we acknowledge that all of these terms ultimately are feedbacks to the only true external forcing (insolation) so that ''actual climate sensitivity (to greenhouse gas forcing) is much greater than that due to fast feedbacks (Hansen et al. 2007) .'' In specific terms, we consider a system in which there is external radiative forcing Q ext and temperature-related endogenous (feedback) forcing Q fb (see, for example, Lemoine 2010), which is the temperature change DT times feedback sensitivity g (W m 22 8C
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), so that net forcing DF tot is given by
where Q fb 5 gDT. In our study, Q ext 5 DF ins (the radiative forcing due to insolation changes) while Q fb is explicitly determined as the sum of the radiative impacts of changes in ice-sheet area albedo, greenhouse gas concentrations, and atmospheric dust loading (i. 
Hence,
Our approach is warranted because of the long (orbital) time scales of the changes considered in our study. Estimation of g remains problematic because of the potential for long (state-dependent) lags in the responses of slow feedback processes to forcing, and we therefore do not emphasize our findings for g because they may be of little use for generalized statements. We then compare the total (equilibrium) radiative forcing changes with the overall (equilibrium) surface temperature responses. Initially, only those forcing functions are considered for which a sufficient understanding exists based on highquality time series of data, and next the maximum potential impact is evaluated of any less well-constrained effects that were initially omitted. We consider two end-member scenarios for the distribution of radiative forcing. The first uses global mean values for all processes considered. This would be appropriate if the energy redistribution due to atmospheric and oceanic circulation had enough time within the resolution of the records to cause a global homogenization. The second scenario uses more regionally specific forcing changes based on zonal means for 108 latitude bands. This would be appropriate if there were no/very little homogenization so that temperature at any site would be a reflection of the regional radiative balance. These are extreme end-member scenarios. In reality, the degree of energy redistribution is intermediate and likely changes as circulation changes through time, which could only be approximated through-yet unattainable-runs over multiple glacial cycles with fully coupled ocean-atmosphere general circulation models that at least include dynamic ice sheets, a comprehensive carbon cycle, a global dust cycle, and good cloud physics. Therefore, we simply present the two end-member extreme scenarios and evaluate the results accordingly. Using this approach, we are able to highlight regions where temperature sensitivity was higher or lower than the global mean per unit change in the radiative balance (i.e., u . 1 or u , 1), which highlights key mechanisms of energy redistribution and/or overlooked (or underestimated) processes of forcing.
Section 2 introduces the temperature records used. Section 3 develops records of radiative forcing change in a globally averaged sense, and section 4 compares this (with uncertainties) with our global compilation of temperature records, in a similar way as done previously for only Antarctic temperature (Hansen et al. 2007 (Hansen et al. , 2008 Kö hler et al. 2010) . Next, section 5 considers the spatially inhomogeneous distribution of the impacts of the various forcing functions by determining zonal mean radiative forcing in 108 latitude bands and compares each temperature response record with the radiative forcing record applicable for its latitude band. Finally, section 6 discusses key implications of the results.
Records of temperature change
While previous studies (Hansen et al. 2007 (Hansen et al. , 2008 Kö hler et al. 2010; Masson-Delmotte et al. 2010a ) exclusively or primarily used Antarctic ice-core temperature data, we broaden the approach to consider a global suite of oceanic sea surface temperature (SST) records, from the archives of the World Data Center for Marine Environmental Sciences (WDC-MARE) and NOAA-Paleoclimatology ( Fig. 1 ; metadata in Table 1 ). We only use records that have been finalized, published, and (critically) made publicly accessible from servers that are easy to locate, which ensures that anyone can easily reproduce and improve our conclusions. We also include the Greenland Ice Sheet Project 2 (GISP2) summit palaeotemperature record (based on the temperature calibration of Alley 2000) and the Antarctic temperature anomaly record of the European Project for Ice Coring in Antarctica (EPICA) Dome C (EDC) ice core (Jouzel et al. 2007 ). New temperature calibrations and temperature proxy records have been published for Greenland (e.g., Masson-Delmotte et al. 2005; Vinther et al. 2009a; Capron et al. 2010 ), but no continuous time series over the time period of interest of such improved temperature estimates is available (yet) from public data servers, which has precluded them from inclusion in this study (see also section 6).
The temperature records were selected on the basis of continuity through (almost) a glacial cycle or longer. We thus aim to highlight the basic underlying (longer term) and repeatable temperature variations relative to changes in climate forcing, rather than emphasizing the impacts of noise and/or short-term variability, which would be an issue if short time series or individual time slices were selected. Our approach thus suppresses event-specific bias and, instead, emphasizes the common aspects of temperature response to climate forcing between episodes such as different glacial states. The disadvantage of our time-span requirement is that it limits the number of available records, but we are able to obtain adequate data coverage for this first-order evaluation, which is the first of its kind (Fig. 1) .
We do not include terrestrial records other than the icecore records because of their high potential variability and possible bias due to seasonal and meso/microclimate effects. Although some seasonal bias may still occur, ocean temperature is inherently much less variable. Chronologies for the records were used as reported, without ''tuning,'' except in some cases for some basic adjustment to ensure that major transitions were more-or-less synchronous (records 11, 15, 16, 26, 27, 30, 34, and 35 ; tables with tie-points used for these adjustments are released along with other datasets for this study through websites given in the acknowledgments). All records are considered in terms of relative variability (see below) and interpolated to the time steps of the sea level record to bring everything into the same format with a common chronology.
It is evident from Fig. 1 that the available SST records have an approximately global distribution, but also that there are substantial blank areas in the map that would be excellent targets for future development of high-quality SST records. There are evident limitations with certain proxies for SST reconstruction that result in some very noisy datasets (especially numbers 16 and 34) (Fig. 2) . Also, different proxies applied to the same site can result in different results (e.g., numbers 35, 36, and 37), which may be due to different seasonal and/or ecological biases (MARGO project members 2009). Multiple replicates of SST proxy analyses enable comparison of relative fluctuations within a single record and typically reveal a mean standard error of about 60.58C, but we consider it prudent to allow a wider error margin of 618C to better allow for differences between records (Rohling 2007; MARGO project members 2009) .
It is important to emphasize that we compare our global set of temperature records with reconstructed time series of radiative forcing (sections 3 and 5) entirely in terms of variations (differences relative to reference values), rather than absolute values. Therefore, records that extend sufficiently close to the present are referenced to their AD1000 value, and records that terminate at more distant points in time are referenced to their youngest value. Although for convenience we reference all records to single time points, referencing to a mean over the preceding 500 years in the records used gives the same result, well within 0.58C for the marine records and typically 18C for ice-core records (for overviews of recent-centuries variability in ice cores, see Goosse et al. 2004; Vinther et al. 2009b ). These differences are small with respect to the large-scale glacial-interglacial variability that we focus on, but also-crucially-we exclusively consider relative fluctuations so that our conclusions are completely unaffected by the choice of referencing method.
Global mean radiative forcing reconstruction with uncertainties
High-resolution records of changes in the radiative forcing of climate over several glacial cycles are calculated in similar ways as in previous studies (Hansen et al. 2007 (Hansen et al. , 2008 Kö hler et al. 2010) , from Antarctic ice-core records for atmospheric CO 2 (Siegenthaler et al. 2005) , CH 4 (Loulergue et al. 2008) , and dust concentrations (Lambert et al. 2008 ). We complement these by a similarly detailed, continuous record of sea level fluctuations over the last five glacial cycles (Siddall et al. 2003; Rohling et al. 2009 Rohling et al. , 2010 , from which we calculate the radiative impacts of changes in ice sheet albedo following Hansen et al. (2007 Hansen et al. ( , 2008 . The combined dataset portrays the global mean radiative forcings of climate due to greenhouse gas (GHG) concentrations and due to albedo changes related to ice sheet area and atmospheric dust concentrations (Fig. 3) . The atmospheric CO 2 and CH 4 records are converted into radiative forcing (DF CO2 and DF CH4 in watts per square meter) using equations specified in the Intergovernmental Panel on Climate Change third assessment report (Houghton et al. 2001 ) (appendix A). From these we derive the total radiative forcing from GHG concentration changes DF GHG (Fig. 2) following the approach of Hansen et al. (2008) (appendix A). Uncertainties to DF GHG (Fig. 2) are discussed below.
The new sea level record allows us to evaluate changes in the radiative forcing of climate due to ice-sheet-arearelated changes in planetary albedo DF alb . Hansen et al. (2008) established that DF alb can be approximated using a linear relationship (appendix A) with a slope of 0.0308 W m Jouzel et al. (2007) per meter of sea level (SL) change (Fig. 3) . As a test, we also explored a case where DF alb is related to ice volume in a nonlinear manner (Hansen et al. 2008 ) (appendix A). Because Fig. 3 demonstrates that both solutions are virtually identical, we continue using only the linear relationship. We obtain DSL from the recent high-resolution Red Sea sea level record with a 1s uncertainty of 66.5 m (Rohling et al. 2009) (Fig. 3) . The method by which that record was derived relies on robust physical assumptions behind the hydraulic equations, which conserve energy and volume along the strait (Siddall et al. 2003 (Siddall et al. , 2004 .
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The method has been extensively tested and validated, including by agreement with the results from a completely different (numerical) approach (Biton et al. 2008) . The sea level reconstructions from this method agree within the uncertainty with traditional sea level benchmark measurements around the world from independent techniques (see Rohling et al. 2008 Rohling et al. , 2009 Rohling et al. , 2010 Siddall et al. 2008, and references therein) . Further details about the method and its validations can be found in Siddall et al. (2003 Siddall et al. ( , 2004 and Rohling et al. (2009 Rohling et al. ( , 2010 ).
The Red Sea sea level record was recently expressed on a new chronology that constrains the orbital time-scale variability within 61.5% (age) uncertainty of radiometrically dated sea level benchmarks (Rohling et al. 2010 ). This agreement is also valid for the new benchmark data of Andersen et al. (2010) and the new synthesis for the last deglaciation by Stanford et al. (2011) . On orbital time scales, the new sea level chronology is now independent of that of the ice-core records, and from any ''astronomical time scale tuning.'' Nonindependent chronology is a problem for all previously used sea level reconstructions, based primarily on deep sea stable oxygen isotope records, so our chronological independence represents a significant improvement. Figure 4 shows a comparison between the time series of physically more direct Red Sea sea level data and previous continuous sea level deconvolutions from indirect proxy methods. Uncertainties to DF alb ( Fig. 3 ) are discussed below.
It remains hard to quantify global climate forcing due to atmospheric albedo changes as related to atmospheric dust loading DF du . This is mainly because of a lack of global dust flux information. To date, the only long and highly resolved record of atmospheric dust flux is from the Antarctic EPICA Dome C (EDC) ice core (Lambert et al. 2008) . Similarity of fluctuations in the signal with
FIG. 2. (a)
Step-plot representations of the records of relative temperature change used in the present study, numbers 1-17. To bring all records into a single, directly comparable framework, all records have been interpolated onto time steps of the relative sea level record on its U-h-adjusted chronology (Rohling et al. 2010) . Numbers refer to those in Figs. 5a,b and Tables 1 and 2. (b) As in (a) but for numbers 18-38. those in the dust fluxes reconstructed for the equatorial Pacific (Winckler et al. 2008) suggests that the EDC record may serve as a first-order indicator of global, orbital time-scale, atmospheric dust fluctuations, but the level of agreement really is only sufficient to say that glacials were dusty and interglacials were less dusty. With respect to higher temporal resolutions, it seems unlikely that the Southern Hemisphere processes causing the dust fluxes at EDC would still give a close representation of global atmospheric dust loading because major impacts would be expected from the large expanse of deserts and general continentality on the Northern Hemisphere (e.g., Moreno et al. 2002; Larrasoañ a et al. 2003; Rohling et al. 2003) . Good-quality, high-resolution dust records are needed downwind from all of the world's major dust sources before any more conclusive interpretations can be formulated. For the time being, we consider the dust influences in a similar manner as Kö hler et al. (2010) from the EDC data. We use FIG. 3 . Records of Antarctic temperature anomaly DT aa determined for the EPICA Dome C ice core (Jouzel et al. 2007 ) and of global means for the main radiative climate forcing functions due to ice sheet albedo DF alb , greenhouse gas concentrations DF GHG , and atmospheric-dust-related albedo DF du . Forcing records and uncertainties (shaded intervals) calculated as described in the text: DF alb has been calculated using a linear transformation (blue) and a nonlinear transformation (red) from the sea level record of Rohling et al. (2009 Rohling et al. ( , 2010 as detailed in the text; DF tot represents the global mean total forcing reconstruction from the above components, with cumulative uncertainties. (2010a) . Red dots with orange (2s) uncertainty bars represent the Red Sea reconstruction on its U-Th adjusted chronology (Rohling et al. 2009 (Rohling et al. , 2010 . It is evident that, within uncertainties, there is a good general agreement between the Waelbroeck et al. (2002) 
The combined explicitly determined radiative forcing is calculated by adding up the individual terms ( Fig. 3) :
where in the global mean scenario DF ins is negligible relative to the other terms (Hansen et al. 2007 (Hansen et al. , 2008 . The uncertainties we consider in the relationships used to calculate climate forcing from the various observed properties (Fig. 3 ) are estimated to be 650% in DF du (based on the uncertainty to the LGM value for dust forcing in Kö hler et al. 2010 ) and 620% in DF GHG and DF alb . In addition to the 620% uncertainty in the calculation of DF alb from the sea level record, we have also first accounted for a 66.5-m uncertainty in the sea level values (Siddall et al. 2003 (Siddall et al. , 2004 Rohling et al. 2009 ) when showing the uncertainty envelopes in Fig. 3 , as this is a realistic range in comparison with independent sea level benchmark data. The 20% margins on DF GHG represent generous margins based on previous assessments (Collins et al. 2006; Solomon et al. 2007; Kö hler et al. 2010) . Error propagation gives an overall uncertainty of 61.5 W m 22 , up to a maximum of 1.75 W m
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, over the full range of DF tot changes (Fig. 3) . Because of an emphasis to err on the cautious side and the unknown character of some of the uncertainties (e.g., for dust), the overall uncertainties FIG. 5a. (a) Linear regressions between DF tot (global mean) and relative temperature change for the various locations studied here, numbers 1-20. Shading denotes 95% confidence limits to the fitted linear regressions (i.e., for the fit itself, not for data around the fit). Numbers correspond to descriptions in Tables 1 and 2. are deliberately conservative approximations of 95% confidence limits.
The above analysis implies an uncertainty of up to 625% in the slope of the regression of temperature response versus radiative forcing. A large element of that uncertainty is systematically consistent (i.e., if the forcing calculation based on greenhouse gas concentrations or sea level is in error, then it is systematically so for all records), so relative differences in the regression slope values are more robust than the absolute magnitude of the uncertainty envelope would suggest.
Comparison of temperature response records with global mean forcing changes
Global mean DF tot is regressed against the different (local) temperature records ( Table 2 ). Note that absolute values, including axis intercepts, are irrelevant because of the referencing procedure applied to all records.
To evaluate whether disequilibrium due to ocean thermal inertia affects the regression results, we have run DF tot through the Model for the Assessment of Greenhouse-Gas Induced Climate Change (MAGICC) energy balance model (as specified in appendix A of Eickhout et al. 2004) and found that the estimates of the regression slopes with global mean temperature are within 1% of the prescribed model climate sensitivity. This is unsurprising given that the multimillennial time scale of the palaeodata is significantly longer than the time scales associated with ocean heat equilibration (Jarvis and Li 2011) . This result also highlights that the estimates of V obtained from the in the regression slopes relative to the full range of the radiative forcing, which is additional to the possible uncertainty of up to 625% discussed above (most of which is systematic in the sense that all records are similarly affected). Kö hler et al. (2010) suggest that additional, less understood, forcing factors would make the total glacialinterglacial DF tot range closer to 10 W m
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, rather than the 8 W m 22 determined here from the major effects only.
This would again systematically affect all records in the same way, making the total systematic error in V more likely to be negative than positive (because a range adjustment in DF tot from 8 to 10 W m 22 would be the same for all comparisons). At the positive extreme of error propagation, the possible uncertainties discussed above largely cancel out the effect of the likely range adjustment in DF tot , while at the negative extreme the two compound each other to produce a combined negative uncertainty of up to about 240%. We thus infer the most realistic interval for each V over the range (0.6V regr 2 0.1) , V , (V regr 1 0.1), where V regr represents the slope of each individual regression in Fig. 5 and Table 2 .
Next, we account for the influence on the regression slopes of the impact of the atmospheric lapse rate g on TABLE 2. Regression statistics for the linear regressions shown in Fig. 5 . Columns are SSR: regression sum of squares, MSR 5SSR/1; SSE: residual sum of squares; MSE 5 SSE/n-2; F statistic 5 MSR/MSE at (1, n-2) degrees of freedom; RMSE: root-mean-square error; r 2 5 SSR/(SSR1SSE); The critical F value for significance at P 5 0.01 with (1, n-2) degrees of freedom is about 7 for all cases. , respectively. Thus we derive a final estimate for the most realistic range of about (0.6V regr ) , V , (V regr 1 0.2).
In the North Atlantic, including Greenland, the records (numbers 1-5) reveal enhanced variability around the regression, which is not an issue of proxy quality but a reflection of the strong abrupt climate changes within glacial intervals in that region (the so-called DansgaardOeschger cycles: e.g., Dansgaard et al. 1993; Grootes et al. 1993; Broecker 2000 Broecker , 2006 Rohling et al. 2003; Capron et al. 2010 ; and references therein). Overall, however, our compilation reveals a coherent global picture, which is particularly clear when plotting the regression slopes from all records as a simple function of latitude (Fig. 6) . Here, it is important to emphasize that Fig. 6 simply compares all individual records with equal weighting. Once the geographic SST database grows, it will be important to perform spatial binning of the data and, ideally, data assimilation in models. With the limited geographic coverage available now, however, our first-order approach provides sufficient information to (i) highlight the need for further data generation to enable more sophisticated analysis and (ii) suggest an apparently coherent pattern with latitude, as discussed in the following.
Because all SST records are divided by the same factor (DF tot ), the V values in Fig. 6a portray the normalized underlying pattern of SST changes on glacial-interglacial time scales. The actual data in Fig. 6a suggest that some sharper gradients exist around the tropics but that the fundamental pattern was almost symmetrical around the equator, as is exemplified by a good quadratic fit (r 2 5 0.6, N 5 36). This fit is determined (solid) using the marine data only and projected (dashed) beyond the latitudinal reach of the marine data toward the poles. The shaded area represents approximate 95% confidence limits to the fit. Using the stated uncertainty limits, the simple mean global V determined from the quadratic fits through all our compiled marine records is about 0.9 (20.4/10.2)8C (W m 22 ) 21 (Fig. 6b) . However, because different latitude bands around the planet comprise different surface areas, an area-weighted mean is more appropriate. We therefore use the quadratic fits for V with latitude to calculate mean V values in 108 latitude bands and find that the area-weighted mean global V is 0.7 (20.3/10.2)8C (W m
) 21 , where we emphasize that the mean global V concerns sea surface temperature responses only (terrestrial temperature changes may be more variable).
The inferred parabolic pattern around the equator suggests an increase in temperature sensitivity to radiative forcing toward the poles, consistent with expectations of polar amplification. However, this is based on the average radiative forcing as if it were homogeneously distributed over the planet, and the high apparent sensitivity per unit forcing at the poles suggested by Fig. 6a may indicate that this assumption is flawed. Below, we evaluate the influence of the spatially inhomogeneous distribution of radiative change.
Inhomogeneous distribution of radiative forcing in 108 latitude bands and comparison with temperature response records
None of the radiative forcings considered have evenly distributed impacts around the globe. The pattern of radiative forcing due to CO 2 is thought to be virtually Table 2 vs latitude. A second-order polynomial fit is presented based on only the marine data (solid) and extrapolated toward the poles (dashed). Shaded interval denotes 95% confidence interval for the fitted polynomial. Filled dots denote V regr for Antarctic EPICA Dome C and Greenland GISP2, for comparison with the poleward projections of the polynomial fit. (b) Best estimate range of uncertainties, (0.6V regr ) , V , (V regr 1 0.2) as described in section 4. Because of the largely systematic nature of the uncertainties (proportionally similar for all points), the uncertainties predominantly determine a range within which the entire dataset may be systematically translated up or down. The upper (red) and lower (green) boundaries for the total range of such translations are shown, along with second-order polynomial fits, for comparison with the blue case that replicates (a). symmetric between the two hemispheres, with higher forcing over the tropics and a progressive decrease toward high latitudes (Ramanathan et al. 1979; Raval and Ramanathan 1989; Shine and Forster 1999; Broccoli 2000) . This distribution is controlled by the temperature dependence of the 15-mm Planck function and the opacity of CO 2 absorption bands (as temperature decreases so does the Planck function and the opacity of the CO 2 absorption bands) with an additional influence from differences in the tropospheric amount of water vapor between high and low latitudes (Ramanathan et al. 1979) . We approximate the meridional distribution of the GHG-related forcing based on the CO 2 impacts described by Ramanathan et al. We express this with a multiplier m, so the contribution of area-weighted ''local'' greenhouse gas forcing DF GHG(loc) (zonally averaged in 108 latitude bands) to the globalmean greenhouse gas forcing is given as
where f is the fraction of the earth's surface area in each 108 latitude band. A similar procedure is followed for the variable icesheet albedo component, following the distribution of forcing after Broccoli (2000, his Fig. 1 ); see also Manabe and Broccoli (1985) , Broccoli and Manabe (1987) . For the variable dust-forcing component we again repeat the same procedure, using the distribution of dust forcing as described by Claquin et al. (2003) . Figure 7a shows the meridional distribution of m/f used for the various forcings. For the propagation of uncertainties, we assume that these are proportionally distributed to the forcing impacts. Multiplication of the m/f distribution of Fig. 7a with the globally averaged forcing records (Fig.  3 ) then approximates the zonally averaged components DF GHG(loc) , DF alb(loc) , and DF du(loc) for each 108 latitude band, with their proportional uncertainties.
One further forcing component now needs to be included. When determining zonal mean forcing for 108 latitude bands, insolation cannot be ignored as was done in the global mean case; its global mean effect may be small, but its regionally specific influences can be considerable. We approximate time series of zonal mean values for insolation at the top of the atmosphere (ToA) for each of the 108 latitude bands (Laskar et al. 2004 ) and express these, similar to all other records, as anomalies relative to the AD1000 value. Because annual mean values are used, we do not cover seasonal variability and thus the precessioninduced aspects of insolation forcing. We note that local/ regional surface temperature does not reflect insolation at the ToA but rather the absorbed component of insolation. Therefore, we multiply ToA insolation by (1 2 a) , where a is zonally averaged planetary albedo for each 108 latitude FIG. 7 . (a) Area-weighted scale factors used to calculate the zonal mean distribution of the impacts of the main causes of radiative change, after Ramanathan et al. (1979) , Broccoli (2000) , and Claquin et al. (2003) . Also shown is zonal mean distribution of albedo (after Fasullo and Trenberth 2008) band, after Fasullo and Trenberth (2008) (Fig. 7a) . We do not invoke temporal changes in this albedo term because we explicitly account for albedo changes through time with DF alb(loc) and DF du(loc) . Hence, it suffices to use the Fasullo and Trenberth albedo values for the present interglacial to determine the baseline albedo modification of insolation. This procedure provides DF ins(loc) (see Fig. 8a ), and the total radiative change per latitude band then is DF tot(loc) 5 DF GHG(loc) 1 DF alb(loc) 1 DF du(loc) 1 DF ins(loc) (see Fig. 8b ).
Given that DF ins(loc) is the only strictly external forcing function, it is useful to reemphasize that, for each major phase of glacial inception/acceleration, ice volume increase (sea level lowering, measured here for the first time with a sea level record that is independent from astronomical tuning) clearly coincided with a maximum contrast between enhanced DF ins(loc) at low latitudes and reduced DF ins(loc) at high latitudes (Fig. 8a) . This would have optimized vapor transport from low to high latitudes and the preservation of snow/ice at high latitudes, similar to previous suggestions (e.g., Vimeux et al. 1999; Khodri et al. 2001; Raymo and Nisancioglu 2003) . The endogenous (slow) feedback processes then sustained and amplified the trend into glacial maxima (Fig. 8b) . Figure 8b also suggests that the distribution of the radiative forcing maxima that underlie peak interglacial warm conditions may have been somewhat diachronous across latitudes, starting and especially ending first at high latitudes and later at low latitudes. This aspect, which is especially clear in Marine Isotope Stage (MIS) 11, 9, and 5e (;410, ;330, and ;125 ka), will be important to consider in future studies that may attempt synchronization of temperature records in suborbital detail. This inference, obtained here for the first time from a latitudinal reconstruction of all major radiative forcing components, supports previous palaeoclimate reconstructions, which highlight that these expected diachroneities indeed seem to exist, with potential relationships to millennial-scale heat redistributions (e.g., Cortijo et al. 1999; Davis et al. 2003; Brewer et al. 2008; Masson-Delmotte et al. 2010b) . Figure 9 compares the various SST records with the appropriate records of total radiative change per latitude band [DF tot(loc) 5 DF GHG(loc) 1 DF alb(loc) 1 DF du(loc) 1 DF ins(loc) ], and the regression slope values (Table 3) are plotted in Fig. 7b . One caveat to consider is that DF alb(loc) constitutes a terrestrial (ice sheet) impact. Although the large radiative forcing effects due to ice sheet albedo will affect the surrounding oceans, any temporal changes in such influences-distributed by climate dynamics-would require assessment with coupled climate models that include dynamic ice sheets, which is beyond the scope of this study. Because of this uncertainty, we are cautious about interpreting our SST comparisons with forcing for the latitudes where DF alb(loc) becomes dominant (Figs. 7b,c) and do so by considering results that either include or exclude the impact of DF alb(loc) . This affects only one of our SST records (record 2 from 538N). For terrestrial temperature data, such as that of Greenland, this is of course not an issue; these can be compared in a straightforward manner with the local forcing sums including DF alb(loc) .
Where Fig. 6 displays the latitudinal distribution of V as determined by comparison of the local SST responses with the global mean forcing changes (V 5 DT loc /DF tot ), Fig. 7b shows the new values V loc as determined by comparison of the local SST responses with the zonal mean radiative forcing in the appropriate 108 latitude band (V loc 5 DT loc /DF tot(loc) ) (see Table 3 ). After ''binning'' the FIG. 9a. (a) Linear regressions between zonal mean radiative forcing as calculated in 108 latitude bands DF tot(loc) and relative temperature change for the various locations studied here: numbers 1-20 correspond to descriptions in Tables 1 and 2 . Shading denotes 95% confidence limits to the fitted linear regressions (i.e., for the fit itself, not for data around the fit). data per latitude band, a global area-weighted mean SST sensitivity is determined in the range of 0.8 6 0.4 W m 22 (Fig. 7b) . Note that the uncertainty band around the mean (gray) is directly related to the uncertainty band to the various V loc estimates (orange); these uncertainties are not stochastic relative to each other but, instead, reflect the ranges of largely systematic uncertainties.
Implications
Our global mean SST sensitivity is not the same property as global climate sensitivity. The latter also includes terrestrial temperature responses, which modeling studies estimate to be 1.3 or 1.5 times stronger than marine temperature responses (Braconnot et al. 2007; Laîné et al. 2009 ). Using our global-mean marine temperature response of 0.8 6 0.4 W m 22 and adjusting for the stronger terrestrial response, as well as the sea:land area distribution of about 0.7:0.3, we estimate global climate sensitivity at s 5 0.85 (20.4/10.5). This is coherent within the uncertainties with other estimates for global climate sensitivity. Knutti and Hegerl (2008) 21 from a data-led study, which (similar to our estimate) also explicitly accounted for the dust feedback.
If we had not explicitly accounted for the dust feedback, but instead considered it as a fast feedback to be implicitly considered within the climate sensitivity term, then our . Uncertainties are similar to those given above. Note that the values that apply to the fast anthopogenic forcing of climate may differ from our reconstructions of long-term (quasi-equilibrium) natural change.
The meridional distribution of SST sensitivity to regional radiative forcing (Figs. 7b,c ) reveals a pattern with sharp steps that clearly exceed uncertainties. Values are low at the tropics and elevated at midlatitudes. Our first scenario shows that these steps, in part, derive from the actual SST distribution, that is, low tropical SST values and higher subtropical SST values (Fig. 6a) . It is noteworthy that the transitions coincide in latitudinal position with that between tropical regions with very little seasonal SST contrast and midlatitude regions with amplified seasonal SST contrasts (e.g., Fig. 6 .3 of Stewart 2008) . The amplified SST sensitivity in the subtropical to midlatitude regions (Figs. 7b,c) may therefore (in part) reflect amplified cooling during glacials in subtropical/midlatitude regions with a distinct seasonal bias, for example, due to intensified winter cooling downwind of cold glacial continents.
The amplification of the SST response steps around 208-308 latitude in the second scenario (Figs. 7b,c) , where comparison is made with more regionally specific forcing, derives from an increase in the effects due to the inhomogeneous latitudinal distribution of radiative forcing-that is, larger tropical forcing changes and smaller subtropical forcing changes. This highlights an important TABLE 3. Regression statistics for the linear regressions shown in Fig. 9 ; headings as in Table 2 . ''Slope min'' and ''Slope max'' indicate uncertainties on the slope value. Uncertainties are not stochastic relative to each other but will be systematically low or high for all. Final column shows regression coefficients in a case where insolation is not considered (Ex insol) (see section 6). ''tropical dampening'' (Figs. 6 and 7b) . Especially in the second scenario, subtropical sensitivity appears to be above the global mean (u . 1, subtropical amplification) (Fig. 7b) . Given that the latitudinal positions of the step changes coincide with the edges of the zone of tropical hydrological fluctuations and the equatorward limit of the oceanic subtropical gyres, (parts of) these sharp steps may arise from processes associated with the tropical hydrological cycle (e.g., cloud feedback) with efficient heat advection away from the tropics and/or with large-scale mixing in the subtropical gyres.
Going from the midlatitudes toward the high-latitude polar ice-core records, Figs. 7b,c suggest some decrease in temperature sensitivity to central estimates of u 5 1.4 (Antarctica) and u 5 0.9 (Greenland), within ranges of 1.0-2.5 and 0.7-1.5, respectively. We discuss first the Antarctic case, and then the Greenland case, but first emphasize that the term ''polar amplification'' is used here within a context of sensitivity to unit local forcing, rather than simply as polar temperature change relative to global temperature change. In our approach, a sound accounting for the main radiative changes in the polar latitudes should negate polar amplification or-conversely-the presence of an apparent polar amplification value would imply that an important local forcing factor may have been overlooked or underestimated. We also emphasize that our values depend on the reported amplitudes of the Greenland and Antarctic temperature records. Borehole temperature profiles and new temperature calibration methods for the ice cores suggest that the glacial-interglacial amplitudes may be larger (e.g., DahlJensen et al. 1998; Vinther et al. 2009b; Stenni et al. 2010; Capron et al. 2010) , in which case our polar amplification factors would be underestimates. However, none of the resultant adjusted, continuous, temperature time series were available (yet) on public data servers.
In our initial comparison between the Antarctic EDC temperature record DT aa and the mean global forcing changes DF tot , the linear regression does not describe the data distribution very well (number 38 in Fig. 5b) . Instead, partial linear regressions throughout the dataset over successive intervals of 2 W m 22 suggest steepening of the slope by a factor of ;3 from 0.8 to 2.48C (W m
22
) 21 with increasing values of DF tot , which can be reasonably represented by a quadratic fit (Fig. 5b ) that would suggest that Antarctic climate becomes increasingly sensitive under increasingly warm conditions [see very similar evaluation in Masson-Delmotte et al. (2010a) ]. However, when comparing DT aa with DF tot(loc) for the appropriate latitude band, there is no longer a firm statistical basis for using a curvilinear fit (38a in Fig. 9b) . Note that the deterioration between the regression of DT aa versus DF tot(loc) (38a in Fig.  9b ) relative to the regression versus DF tot (38 in Fig. 5b ) may be because DF tot(loc) includes insolation, given that we do not consider the potential for (long) lags between insolation and temperature response (e.g., through ice sheet altitude changes), as previously discussed in MassonDelmotte et al. (2010a) . To test this, panel 38b of Fig. 9b shows a regression of DT aa against DF tot(loc) excluding insolation, in which case the nonlinear response becomes obvious again. Our SST regressions versus DF tot(loc) mostly are less sensitive to the inclusion or exclusion of insolation, but some correlation coefficients do change (Table 3 , right-hand column). This highlights that SST at each site is not a pure reflection of the latitude-specific radiation balance, but that there are important additional influences (e.g., large-scale advection), which confirms that the two scenarios elaborated in this paper are end-member views as outlined in section 1.
The linear regressions of DT aa versus DF tot(loc) in panels 38a and 38b (Fig. 9b) have similar slopes, which suggest that the Antarctic temperature sensitivity was around 1.1 6 0.18C (W m (where the uncertainties are systematically related between both values). This gives the normalized amplification factor u 5 1.4 within a total range of 1.0-2.5. This entirely data-dependent estimate compares well with the modeling-based range of 1.2-2.1 for Antarctic polar amplification by Masson-Delmotte et al. (2006 , 2010a . The stated range is the linear mean value over several glacial cycles, but similar to Masson-Delmotte et al. (2010a) , we find that the relationship in more detail appears to be distinctly curvilinear, with lower Antarctic temperature sensitivity during glacial times and higher sensitivity during warmer climate states.
We suggest that the inferred mean amplification effect may have resulted from sea ice albedo feedbacks around the Antarctic continent that our analysis has not accounted for, due to the enormous changes in circum-Antarctic sea ice area between interglacials and glacials (annual mean change from 8. , which amounts to a cycle with an amplitude of about 3.5 W m
. If due to sea ice, then this radiative effect would have been applied over the larger surface area of the 608-708S latitude band directly around Antarctica and correction for the ratio of areas gives a cycle with a glacial-interglacial amplitude on the order of 0.6 3 3.5 5 2 W m
. This simple scale analysis is in good agreement with the 1.7 W m 22 calculated by Kö hler et al. (2010) for the radiative impact of sea ice albedo in the Southern Hemisphere. This supports our concept that the factor u 5 1.4 for the Antarctic temperature response results from the fact that we did not explicitly account for changes in the radiative balance at the high southern latitudes owing to the long-term sustained changes in sea ice coverage. The apparent curvilinear relationship (panel 38 in Fig. 5b and panel 38b in Fig. 9b ) requires further study.
In contrast to the case for Antarctica, we find that the Greenland temperature sensitivity to radiative forcing was close to the global mean (i.e., u ' 1) (Fig. 7b) ; the large temperature fluctuations in Greenland simply reflect similarly large local forcing variations at high northern latitudes (Figs. 7 and 9 ). This provides context to studies of Arctic polar amplification. If long-term Arctic polar amplification is considered as the simple ratio DT arctic /DT global without accounting for the inhomogeneous distribution of climate forcing on especially the Northern Hemisphere (e.g., Miller et al. 2010) , then it seems high only because DF arctic /DF global was large because of the strong dominance of ice sheet albedo changes. To avoid this bias, it is better to consider polar amplification in terms of temperature sensitivity normalized to unit local forcing [8C (W m
21
]. Doing so, we find u ' 1 for Greenland, which suggests that no major radiative changes have been overlooked. Assuming that it is representative for the wider Arctic region, this would imply that long-term sea ice changes apparently were too small to have caused substantial radiative changes in the Northern Hemisphere, contrary to the situation in the Southern Hemisphere. This agrees with the fact that most (75%) of the glacial-interglacial waxing and waning of sea ice took place around Antarctica [Kö hler et al. 2010 ; for example, see reconstructions of austral sea ice cover in Gersonde et al. (2005) ]. Note that this is a long-term perspective in which any sea ice influences on the Northern Hemisphere are ''swamped'' by the vast ice-sheet albedo influences. The long-term mean sensitivity likely differs from the sensitivity on shorter time scales of a few centuries or less, when Arctic amplification may appear high because of (fast) reductions in the Arctic sea ice cover in the absence of substantial change in ice sheet albedo.
The results allow for some careful speculation about implications for the future. Given the absence of large ice sheets on the Northern Hemisphere today (except for Greenland), there is no scope for similarly large ice sheet albedo changes in the future. After the Arctic sea ice cover and the more climate-sensitive parts of the Greenland ice sheet have disappeared [the modern local radiative forcing increase from Arctic sea ice reduction is on the order of 2-4 W m 22 decade
, Kato et al. (2006) ], therefore, long-term future radiative forcing changes will be less amplified in the Arctic region relative to the global mean than during glacial-interglacial cycles so that temperature changes will also be less amplified relative to the global mean. In other words, the (middle to) high northern latitude temperatures were ''hypersensitive'' during glacial-interglacial cycles due to the large ice sheet impacts and thus do not provide a good basis for extrapolation into a mostly ice-free future on the Northern Hemisphere.
In the Southern Hemisphere, the opposite is true. There, continental glaciation has remained almost complete throughout the glacial-interglacial cycles, including the present day. This strongly limited the radiative impacts of ice sheet albedo and thus the temperature changes. Once reductions occur in the scale of continental glaciation over Antarctica, and/or in the sea ice extent around it (in summer still ;4 3 10 12 m 2 and in winter ;19 3 10 12 m 2 ), then a strong feedback response may drive further/enhanced warming with a potential for rapid, nonlinear adjustments, similar to those found during deglaciations in the Northern Hemisphere.
Conclusions
We compile a global suite of marine and ice-core temperature reconstructions for comparison with new reconstructions of the main changes in the radiative balance of climate. Our first scenario uses global-mean radiative forcing changes, and our second scenario uses zonal mean reconstructions of radiative forcing in 108 latitude bands.
Comparison of the compiled temperature records with the reconstruction of global-mean radiative forcing (first scenario) suggests an area-weighted mean global sea surface temperature (SST) sensitivity of 0.7 (20.3/10.2)8C (W m 22 ) 21 with a smoothly increasing trend from low values around the equator to high values at high latitudes. Comparison of the temperature records with more regionally specific forcing records in 108 latitude bands (second scenario) reveals a similar area-weighted global mean sea surface temperature (SST) sensitivity value of 0.8 6 0.48C (W m
22
) 21 but with a significantly different meridional pattern. This pattern shows low values at the low latitudes with a sharp step that clearly exceeds uncertainty to high values at the midlatitudes. Toward higher latitudes, the sensitivity then seems to drop a little, but this remains within uncertainty. We tentatively ascribe the sharp step between the inferred low and middle latitude sensitivities to an unaccounted-for modification of the spatial forcing distribution relative to our reconstructions, possibly related to the tropical-subtropical hydrological cycle/cloud cover. ] may be negligible for Greenland (0.9, within a total range of 0.7-1.5), although larger amplification may apply to the Arctic on shorter time scales owing to the fast sea ice albedo processes. If validated, this would imply that Arctic amplification would sharply drop once the Arctic (summer) sea ice cover has been eliminated. Conversely, we observe a persistent long-term mean polar amplification value for Antarctica of 1.4 within a total range of 1.0-2.5. These values strongly support previous independent reconstructions of long-term Antarctic polar amplification, and we suggest that this amplification is due to the very large glacial-interglacial changes in sea ice cover around Antarctica. gov/paleo/ftp-search.html), and-concerning the new sea level record-from http://www.soes.soton.ac.uk/staff/ ejr/ejrhome.htm. Data files from this study can also be obtained from the latter site. (Fig. 2) is determined (Hansen et al. 2008 ) using DF GHG 5 1:12(DF CO2 1 1:4DF CH4 ).
This includes a scaling factor to account for the impacts of N 2 O, which is correlated with CO 2 and CH 4 (Hansen et al. 2008 ). This approach is needed because no continuous records exist for N 2 O, but it is consistent through intervals where data do exist (Kö hler et al. 2010 ).
Regarding the ice-sheet albedo impact DF alb , Hansen et al. (2008) established that it can be approximated using a linear relationship (appendix B) with a slope of 0.0308 W m 22 per meter of sea level change (N.B. decimal point accuracy maintained to that given by Hansen et al. 2008) :
which is referenced to the AD1000 value and where DSL is negative during glacials. We also explored (see Fig. 3 ) a case where DF alb is related to ice volume in a nonlinear manner (Hansen et al. 2008) , using that study's Northern Hemisphere component of the equation: DF alb 5 3.5(DSL /2105) 0.8 .
APPENDIX B
Correction for the Influence on Our Regression Slopes due to the Impact of the Atmospheric Lapse Rate g on SST during Times with Lowered Sea Level Mélières et al. (1991) determined that atmospheric pressure at sea level increases by 9-15 hPa for a sea level drop on the order of 100 m and that a temperature increase at sea level must be considered. From modern data, Mokhov and Akperov (2006) have determined that the lapse rate over the ocean at the locations of our SST records is between about 0.578 and 0.638C (100 m) 21 and that the lapse rate over the ocean depends on surface temperature with dg/dSST within a range of 60.058C (100 m)
21
. Reconstructions for the LGM in Halmahera, Indonesia (Barmawidjaja et al. 1993) , and for the central Mediterranean (Kuhlemann et al. 2008) suggest that the lapse rate over colder glacial ocean surfaces may have been considerably steeper than today, which conflicts with the zero to positive dg/dSST over ocean surface at those latitudes in modern seasonal data (Mokhov and Akperov 2006) . Clearly, proper inclusion of dg/dSST will require the use of a high-resolution fully coupled oceanatmosphere general circulation model: because the range of glacial-interglacial changes in our SST records is mostly within 58C, we ignore dg/dSST. Hence, we consider the influence of sea level lowering on SST using a modern lapse rate over the ocean surfaces of 0.68C (100 m)
21 (Mokhov and Akperov 2006) . At the full glacial sea level lowering (negative extreme of DF tot ), this would cause a warming at the sea surface of about 0.78C.
